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1 Basic Considerations

Althongh the atmospheric hboundary laver (ABL) is often considered as quasi steady
for simplicity. strong temporal variations can be observed in most situations. Lets
consider the basic equations for the ABL. which have been derived in detail in Part
I. For horizontal homogeneous situations these are the equation of motion
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and the first law of thermodynamics
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In (1) and (2) w, and v, represent the components of the geostrophic wind which
are related to the large scale horizontal pressure forces 3%
1 dp L dJp
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In (3) R represents the net radiative Huxes which are the driving forces of the
temperature variations.

Temporal variations of wind components v and r and of the potential temperature
O can be supported by external forces. e ug. vy and R or by time changes in the
eddy ditfisivities for momentum K. and heat A,. In absence of variation of the
laree scale pressure lields. houndary laver winds can change only through influence
of thermal stratification on the eddy viscosity Ky,

I other lectnres it was shown. that A, i a function ol the Richardson-number, i.e.
N, = flI{) .}51.2675—2 . (3)

(5)
Temporal variations in i, and hence in u and v are partly due to the diurnal

temperature cycle,

In the following we will consider only these ternporal variations in the ABL which are
not caused by changing external conditions. 1.e. we will assume u,. v, = constant.



2 Surface energy balance

For the solntion of equation{3) we have to specify boundary conditions. which are
nsually taken as:

Q=0 ,o=h ;0=04(t) 2=z (6)

Oy is the temperature at the top of the ABL and is assumed to be constant. At the
surface (z = zy). the lemperature is a function of time and hence enables temporal
variations of the vertical profile ©(z). The variation of ©o(t) can be either specified
or solved with aid of the so-called energy balance equation (see Pielke (1984) for
various methods ).

The lower boundary of the ABL and its energy fluxes are shown in Fig. 1. Conti-
miity of energy fluxes at the boundary between the soil layer and the atmosphere is
described by the cnergy-balance equation (see e.g. Oke. 1987):

(" =Qr+Qu+ Qy (7)

In 4Ty @~ is the ner radiation (longwave and shortwave ). (i is the latent heat fux,
(211 15 the sensible heat Aux and g the soil heat flux, The net radiative flux Q"
can he resolved by

Q" =:0l)! + Ry + R (8)

where 2, i< the long wave radiation from the atmaosphere and Hs is the short wave
solar radiation, =7l is the ontgoing longwave radiation from the earth surface. As
1o = 6. the boundary condition {6) can be prescribed by (7) and (3), but as T, is
also contained in Qe and Qyy it can he done only iteratively (see Pielke (1984) for
detailsy,

F'nerge balance equation 17} is related to the surface laver Jaws (see other lecture
notes Part 1. Chap. 3 throngh the heat Huxes by

(1 = platy' () = pojt (4)

Observations of diurnal va ration of the different energy tluxes are shown in Fig. 2
for the case of a moist. hare sojl. Other examples can be found in the books of Arya
(1938}, Oke (1987} and Stul] (1988). As a consequence of the variation of surface
energy fluxes. temperatires at the surface (2 = z) as well as in the air and in the
soil vary with time. This is also shown in Fig. 2 (bottom). Temperature amplitude
i5 largest for the surface temperature 14 and smallest for the soil temperature 7.
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Figure 1: Energy fluxes at the earth’s surface (soil-atmosphere interface). Notations
like in Eq. (7), (8)-

8

8

200

ENERGY FLUX DENSITY (W m™)

TEMPERATURE (°C)

s ) C4 o8 12 16 20 24
TME (h)

Figure 2: (a): Energy fluxes at the surface over a bare, moist soil. During the course
of the day notation as in Eq. (7). (b): Diurnal variation of surface temperature 1o,
air temperature T, at z = 1.2m and soil temperature T, at z = -0.2m (after Oke,
1987).



3 Temperature variations in the ABL

Diurnal variations of temperature at the surface are transmitted by turbulent diffu-
sion through the ABL (see equation (3)). The typical development of the daytime
boundary layer is shown in F ig. 3. The stably stratified temperature profile is ero-
ded away by upward turbulent heat flux after sunrise ending in a so-called mixed
layer with nearly uniform temperature.

After sunset, the earth surface is cooled by outgoing longwave radiation leading to
a subsequent development of a stably stratified temperature profile (inversion layer)

near the ground. One example of a developing nocturnal boundary layer is given in
Fig. 4.
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Figure 3: Temporal development of potential temperature @ in the daytime boun-
dary layer. Profiles of turbulent heat flux H = 0c,w'®’ are also shown (after
Caughey, 1982).
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Figure 4: Temporal development of profiles of the temperature T in the nocturnal
houndary layer (after Kottmeier, 1984).

4 Wind variations in the ABL

Regarding temporal variations of wind components u and v for the case of constant
external forcing (geostrophic wind) these are only possible by variations in eddy
viscosity K, as can be seen from Eq. (1) and {2). As K, is related to the tem-
perature profile ©(z) by (3). variations in O(t) will lead to temporal variations of
the viscosity. Examples of vertical profiles of K..(z) under daytime and nighttime
conditions have already been given in Part [.

Here we will show some results from a numerical model on the variation of A, during
the Wangara field experiment in Fig. 3. Typically, the eddy viscosity is much larger
during daytime than during the night as turbulence is enhanced by convection. Du-
ring nighttime hours, the developing stable stratification (see Fig. 4) is suppressing
turbulence. This behaviour of the ABL-structure is shown schematically in Fig. 6.

Observations of wind speed at different heights during the Wangara experiment is
shown in Fig. 7 for the course of the day. Near the ground (8m), where usually
most routine observations are obtained, wind speed increases during the day due
to mixing of high windspeed from above into the surface layer. After sunset wind
speed is reduced due to the stable stratification. Both observations are common
experience for diurnal wind variations near the ground. In the upper layers of the
ABL things are reversed with time, 1.e. higher wind speeds are observed during the
night and lower wind speeds during the day. This phenomenon is related to the
so-called nocturnal jet (low-level-jet) and will be discussed in the next section.
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Figure 6: Temporal development of boundary layer height and turbulence state

during the Wangara experiment (after Yamada and Mellor, 1975)
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Figure 7: Typical variation of wind speed in the ABL at different heights, lowest
level is z = 8m (after Mahrt, 1981).

5 The nocturnal low level jet

One specific phenomenon during clear nights is the development of a wind maximum
in the lower ABL (say between 100m and 500m), where the wind speed can even
exceed the geostrophic wind by 50% or more. This is called a low-level-jet and has
been documented intensively by observations (see e.g. Brook (1985) for a recent
account). The typical development of a low level jet is shown in Fig. 8.

But not only a variation in wind speed is observed during this phenomenon but also
a strong variation in wind direction. This can be seen if the wind components at
one specific height are plotted on a so-called wind hodograph. as is shown in Fig. 9.

The development of these oszillations can be described approximately by a theory
of Blackadar (1957). After sunset, tubulence is reduced drastically (see e.g. Fig.
5), and hence the frictional forces in Eq. (1), (2) are vanishing. When Pressure,
Coriolis and Frictional forces had been in equilibrium before, reduction of friction
gives rise to so-called inertial oszillations, as is shown schematically in Fig. 10.

The difference vector & — 7, = A¥ describes a circular hodograph with radius
(T — U)g = At(t = 0). It can be described by:
AF(t) = & — 5, = Adip cos(ft) — k x A sin(f?) (10)

where E is the vertical unit vector. The oszillation period r is defined by

_2r (11)
T

where f = 2{)sin p is the Coriolis parameter as usual. For the latitude of Trieste,
for example (> =~ 46°), the inertial period is about 7 ~ 18 hours.

3



Now as the initial ageostrophic wind vector § — Uy 18 varying with height in the
ABL, inertial oszillations with different amplitudes will develope, as is shown in
Fig. 11. Therefore there will be some height in the nocturnal ABL, where the
supergeostrophic wind will have a maximum value, and a vertical profile of wind
speed will show a low level jet.
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Figure 8: Temporal variation of the wind components ¢ and v during the Wangara
experiment. The development of a wind maximum in the lower ABL can be noted
during the night (after Yamada and Mellor, 1975).
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Figure 9: Hodograph of the horizontal wind components u and v at 200m height
due to inertial oszillations in the nocturnal boundary layer. Numbers denote time
of the day (after Kottmeier, 1984).

Figure 10: Temporal development of the ageostrophic wind vector & — vy = Av due
to inertial oszillations.
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Figure 11: Inertial oszillations in the nocturnal ABL at different heights leading to
the development of a low level jet.

6 Spatial variations in the ABIL,

So far we have assumed, that the ABL is horizontally homogeneous, i.e. there are
no variations of wind and temperature in the horizontal directions. This appro-
ximation can be only justified, if there are no variations in the conditions of the
underlying earth surface. By this we mean a flat terrain of uniform roughness z,
and homogeneous thermal properties.

In the real world however, these conditions might be found only over parts of the
ocean and land surfaces. In most cases the earth surface can be described in terms of
non-homogeneous terrain with non-uniform surface properties. Hence the underlying
surface has large influence on the development of the ABL and can leed to local flows
like sea-breeze, valley winds or topographic wake flows. An example of a sea-breeze
circulation is given in Fig. 12. These types of non-homogeneous flows are not treated
here but are described in the books of Atkinson (1981), Arya (1988), Oke (1987),
Plate (1982). Stull (1988) and Garratt (1992).

Here we will only give a short introduction into the problem of the influence of
surface roughness change on the wind profile in the surface layer (chapter 7). Asan
example of the combined influence of change in roughness and surface temperature
on the ABL flow we give some results of numerical simulations of the boundary
layer flow over the ice-edge. In F 1g. 13 variations of surface stress (u?) and heat
flux (gc,w’®) for a flow from continental ice over sea-ice to open water is shown.
One can observe drastic changes in both parameters when the air is flowing over the
rough sea-ice, where open cracks also give rise to a change in surface temperature
{ice and ocean water).

11
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Figure 12: Development of a sea-breeze due to different heating of the land and sea
surfaces.

7 Roughness changes in the surface layer

As an example of the influence of surface inhomogeneities on the ABL flow we
consider the change of surface roughness length zo. The typical situation is given
in Fig. 14 and might be found for flow from a lake (smooth) to land (rough) or
from bare soil (smooth) to a forest canopy (rough). After the air over the upstreamn
roughness z¢; has reached the new surface with roughness zpp, the wind profile is
affected from below by the new roughness. The vertical influence reaches up to a
height k;, where upstream and downstream velocities u, and u are aproximately
equal or say us/u; ~0.9.

The layer between the surface and &, is called Internal Boundary Layer (IBL) and
is that part of the surface layer, which is already affected by the new roughness
conditions. The height of the IBL h; increases downstream and can be described
approximately by

h‘(l') = ZQQA(I/ZOQ)&S (12)

The coefficient A can vary between A = 0.3 - 0.9, depending on stability (see
Arya(1988) or Stull (1988)). For neutral stratification it has also been approxi-
mated by

A=0.75+0.03 ln(zm/zm) (].3)

where zg; and zo; are the upstream and downstream values of the surface roughness

length.
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Regarding the wind profile. following boundary conditions can be stated for the
problem if we assume the usual surface laver approximations (logarithmic wind
profile):

~

Uxt Z

r<0: u(z) = . lnz— (14)
01

r— oot Ty(z) = ":zn-;— (15)
02

Here we have assumed the roughness change at z = 0. .z is the new equilibrium fric-
tion velocity downstream of the roughness change. The transition from the upstream
windprofile (14) to the new downstream profile (15) is shown from observations in
Fig. 15 for a flow from smooth to rough (a) and from rough to smooth (b). The
new equilibrium wind profile is attained after a distance z, =~ 10* — 10° zpz.

For theoretical treatment, the problem can be formulated by a simplified version of
the ABL equations for the windspeed u:

_du _a . Hu
“or T 8z "oz
which has the form of a classical advection-diffusion equation. Together with inflow
condition (14), equation (16} can be solved for z > 0 with zg = zgz as the lower
houndary. The eddy viscosity has to be prescribed by some forms as presented in

Part 1 of the lecture or simply by the surface layer profile K,, = su.z.

(16)

Although the roughness change problem has been treated by numerical models (see
e.g. Rao et al., 1974), some simple analytic approximations for the development of
friction velocity and wind profile have been proposed (see Hunt and Simpson, 1982).
These relations may be written as follows:

(17)

Ua2{ T) = U {1 4 {n(_z(,}/j)ﬁ}

In(hi/z02)
_ Ul z In(zaz2/201) ]0 et
.= -— e ___d 1
u{z,.r) - lnzm In(h./202) / ; t (18)

hi(z) = 2k%zin 20_1

h;
Although Eq. (19) for the IBL height A, is different from the simple power law (12)
and has to be solved by recursion, equations {(17)-{19) can give useful estimations of
the IBL development without solving a numerical model. Similar analytic solutions
for eq. (16), also for the problem of temperature changes due to surface effects, can
be found in Sutton (1953}

(19)

8 Coherent structures

The atmospheric boundary layer may be termed as a rotating stratified shear flow
within the context of fluid mechanics. 1t is known that these kind of flows can exhibit

14
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various types of instabilities which lead to the formation of large-scale coherent
structures. These features can also be observed in the ABL even under homogeneous
surface conditions. An example is given in Fig. 16 which shows a satellite picture
of clouds formed during a so-called cold air outbreak. The clouds are organized in
the form of bands aligned with the mean wind direction. This phenomenon is hence
called cloud streets in the literature and can be often observed on high resolution
satellite pictures available on a routine basis. :

The interpretation of this special type of cloud pattern can be easily achieved by
assuming the existence of counter-rotating vortex rolls with axes approximately in
the direction of the mean wind, as displayed schematically in Fig. 17. Clouds are
formed above the updraft parts of the roll circulations and cloud-free areas are due
to sinking motions. These facts have already been known by glider pilots since a
long time, as they used this special kind of upward motions as organized in streets
for long-distances soaring.

Data evaluation has led to following properties of cloud streets and hence on the
roll vortices:

vertical extent H 1-2km
wavelength A 2-20 km
aspect ratio AH 2-15
downstream extent E 16 - 1000 km
orientation of roll axis to mean wind & - 20° to + 30°
lifetime T 1 - 72 hours

There is a fairly wide range of parameters, especially for the wavelength and the
aspect ratio. We will not discuss all of these observations in detail but refer instead
to a collection of observations in the review article by Etling and Brown (1993).

With respect to the physical origin of roll vortices in the ABL, two main sources
have been identified: thermal instability due to heating of the ground and shear
instability due to turning of the wind with height in the ABL. Observations show,
that cloud streets are most often formed either during daytime over land or during
cold air outbreaks over sea. During the latter, cold air, mostly from polar regions,
is advected with the wind over warm ocean surfaces. Hence the ABL is heated from
below while the airmass is moving over the ocean. The typical temperature profile
during this situation is shown in Fig. 18, where the development of an unstably
stratified layer near the ground can be seen. This leeds to Rayleigh-Benard type
instability, i.e. rising of warm air and sinking of cold air. As we have a shear flow
superimposed on this convective motions, thermal convection will be organized into
rolls aligned with the mean shear. This fact is well known from the theory of thermal
convection as has been discussed in other lectures of the workshop.

The second kind of instability is more subtile with respect to the cloud street for-
mation. It is related to the so-called inflection point instability, a kind of Kelvin-
Helmholtz instability in a non stratified shear flow (see other lectures of the workshop
or the book "Hydrodynamic Instability” (Drazin and Reid, 1981). To explain the
formation of roll vortices by this instability mechanism, we have to consider the
wind profile perpendicular to the roll axis. As can be seen from Fig. 19, the cross
flow exhibits an inflection point depending on the orientation of the vortex axis with

16



the geostrophic wind. This is due to the fact, that in the ABL the wind direction is
changing with height due to the action of pressure-, friction and coriolis forces.

Indeed the formation of roll-like vortices in a rotating boundary layer has been
well documented in laboratory experiments and is sometimes called Ekman layer
instability (see Etling and Brown (1993) for a collection of references).

As it seems now, the mechanism of inflection point instability is responsible for
vortex roll formation under near neutral stratification, whereas convective instability
is the main source for cloud street development in an unstably stratified ABL. One
might consider the formation of cloud streets as a nice example of dynamical and
thermal instabilites ig geophysical flows. However, in the last decade one has become
aware that these special type of organized large eddies play an important role in the
vertical transport of momentum, heat, moisture and ajr pollutants within the PBL.

0
I |
Kilome_ters

Figure 16: Satellite picture of cloudstreets (white band structures) formed in the
ABL over sea during off-shore winds.
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Figure 18: Typical vertical profiles of temperature © and cross-roll wind v during
cold air outbreaks.
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